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a b s t r a c t

Redox conditions in magma oceans (MOs) have a key influence on the mass and composition of Earth’s

early atmosphere. If the shallow part of the MO is oxidized, it may be overlain by an H2O–CO2

atmosphere, but if the near-surface magma is close to equilibrium with Fe-rich alloy, then the

atmosphere will consist chiefly of H2, H2O, and CO, and on cooling will be rich in CH4. Although MOs

are intimately associated with core-forming metal, the redox conditions in their shallow parts are not

necessarily reducing. The magmatic Fe3þ/FeT ratio is set by equilibrium with metal at depth and

homogenized through the magma column by convection. Indirect evidence suggests that the Fe3þ/FeT

ratio of magmas in equilibrium with alloy at high pressure is greater than at low pressure, such that the

shallow part of the MO may be comparatively oxidized and coexist with an atmosphere consisting

chiefly of H2O and CO2. The mass of the atmosphere is dictated by the concentrations of volatile-species

dissolved in the magma, which in turn are determined by partitioning between magma and alloy. Very

strong partitioning of C into alloy may capture most of the carbon delivered to the growing planet,

leaving behind a C-poor bulk silicate Earth (BSE) and a C-poor atmosphere. However, modest solubility

of CH4 in the magma may allow the BSE to retain significant C. Alternatively, if partitioning of C into

alloy is extreme but the fraction of metal equilibrated with the MO is small, the alloy may become

saturated with diamond. Floatation of diamond in the MO may retain a substantial inventory of C in the

early mantle. BSE C may also have been replenished in a late veneer. Following segregation of metal to

the core, crystallization of the MO may have prompted precipitation of C-rich phases (graphite,

diamond, carbide), limiting the C in the early atmosphere and creating a substantial interior C inventory

that may account for the large fraction of BSE carbon in the mantle today. Such precipitation could have

occurred owing to a combination of the redox evolution of the crystallizing MO and cooling.

& 2012 Elsevier B.V. All rights reserved.

1. Introduction

The composition of Earth’s primitive atmosphere has been a
matter of debate for more than half a century. Miller and Urey
(1959) assumed that Earth’s early atmosphere consisted chiefly of
NH3, CH4, H2, and H2O and famously showed that these reduced
gases were conducive to prebiotic chemistry. In contrast, Rubey
(1951) reasoned that an oxidized H2OþCO2 primitive atmosphere
originated by volcanic degassing. Comparatively oxidized atmo-
spheres dominated by H2O, CO2 and N2 are less amenable to
prebiotic chemosynthesis (Stribling and Miller, 1987; Bada, 2004).
Exhalations of these more oxidized volcanogenic gases com-
menced at least as far back as 3.9 Ga (Delano, 2001) and possibly
as early as 4.4 Ga (Trail et al., 2011). Ahrens et al. (1989) argued
that an early H2OþCO2 atmosphere was delivered by comets.
More recently, there has been increased emphasis on impact
degassing of accreting chondritic material (Schaefer and Fegley,
2007; Hashimoto et al., 2007), which produces reduced gases

(CH4, H2, H2O, NH3) more similar to those originally considered by
Miller and Urey (1959).

The mass and composition of the early atmosphere has
important influences on terrestrial evolution. As compared to
storage in the interior, development of a massive atmosphere
allows for significant volatile loss owing to large and small
impacts (Melosh and Vickery, 1989; Genda and Abe, 2005) and,
depending on the abundance of hydrogen, the potential of
geochemical fractionation associated with hydrodynamic escape
(Pepin, 1991). A thick atmosphere insulates the planet, greatly
prolonging the persistence of magma oceans (MOs) (Abe and
Matsui, 1985), affecting subsequent thermal evolution as the
planet approaches equable conditions (Elkins-Tanton, 2008), and
modulating succeeding climates and development of liquid water
oceans (Zahnle et al., 2007). Finally, the early distribution of
volatiles in the Earth represents the initial conditions for eventual
development of modern deep H2O and C cycles (Hirschmann,
2006; Dasgupta and Hirschmann, 2010).

Central to evolution of Earth’s early atmosphere was develop-
ment of one or more MOs, which resulted from the energy
released by accretion, core formation, and impacts (Flaser and
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Birch, 1973; Davies, 1985; Benz and Cameron, 1990). The associa-
tion of MOs with core formation and the high solubility of H and C
in alloy may isolate much of the Earth’s volatile inventory in the
core (Fukai, 1984; Kuramoto and Matsui, 1996). Owing to the low
solubility of H2O and especially CO2 in magma, thick atmospheres
may develop (Abe and Matsui, 1985), containing much of the H2O
and virtually all of the carbon not removed to the core (e.g.,
Kuramoto and Matsui, 1996; Elkins-Tanton, 2008). The early
mantle could therefore be comparatively volatile-depleted.

The possible massive atmosphere following MO crystallization
contrasts with the distribution of volatiles prevailing today. For
example, Elkins-Tanton (2008) calculated that 3–22% of the CO2

and 5–30% of the H2O in the bulk silicate Earth (BSE) would
remain in the mantle following crystallization of a whole-mantle
MO. In contrast, in the modern Earth, 50–95% of the BSE carbon is
in the mantle (Sleep and Zahnle, 2001; Dasgupta and Hirschmann,
2010). This large deep reservoir is a key feature of the modern
carbon cycle, allowing volcanogenic CO2 to modulate climate on a
range of time scales, from termination of snowball Earth condi-
tions (Hoffman et al., 1998) to acceleration of Pleistocene degla-
ciations (Huybers and Langmuir, 2009). The modern distribution
of BSE H2O, 17–70% of which is in the mantle (Hirschmann, 2006),
is more similar to these putative initial conditions. The difference
between initial conditions is therefore most pronounced for C:
degassing of a MO is thought to produce an exosphere with a low
H/C ratio compared to the mantle, whereas at present the
opposite is true (Hirschmann and Dasgupta, 2009).

A key consideration is that chemical interactions with a MO
can have profound influence on the composition and mass of the
overlying atmosphere. Regardless of whether the gases delivered
to the surface were originally oxidized or reduced, the very large
redox capacity of the MO with which it coexists will likely
determine the atmosphere’s oxidation state, and hence the
abundances of C–O–H (CO2, CH4, CO, H2O, H2) species. The
atmosphere may also be affected by precipitation of graphite,
diamond, or carbide or equilibration with alloy (Fukai, 1984;
Kuramoto and Matsui, 1996), which can limit vapor pressures in
the magma and therefore, atmospheric mass.

A critical but previously unrecognized feature of the chemical
structure of MOs is that oxygen fugacity, fO2

, should vary with
depth. In this paper, the zonation of fO2

in MOs is considered and
the possible consequences for volatiles in MOs and overlying
atmospheres are explored.

2. Magma ocean–atmosphere equilibration

Chemical equilibration between a MO and its overlying atmo-
sphere should be efficient unless an impermeable lid develops.
The duration of MO crystallization (�104–107 yr; Abe and Matsui,
1985; Zahnle et al., 2007; Elkins-Tanton, 2008) is long compared
to the likely time required to approach chemical equilibrium with
the overlying atmosphere. For comparison, the time required for
modern (H2O) oceans and atmosphere to equilibrate pCO2 is
�102 yr (Archer et al., 2009), but time scales should be briefer
for MOs, owing to vigorous convection in both reservoirs, with
convective mixing times in a 3000 km magma ocean being a
matter of weeks (e.g., Solomatov, 2000), and to 42000 K tem-
peratures at the magma–vapor interface (e.g., Abe and Matsui,
1985).

Oxygen fugacity affects critically the chemistry of a C–H–O
atmosphere (Fig. 1). Under oxidizing conditions, the chief species
are H2O and CO2, but under reducing conditions, CO and H2

predominate. On cooling, these react to form CH4, leaving an
atmosphere rich in H2, CH4, and H2O. One may at first expect
atmospheres overlying MOs to be reduced, as MOs are associated

with core formation and hence equilibration with metal. For the
late stages of Earth’s accretion, when the mantle approached its
current FeO content of 8 wt%, such conditions are �1.570.5 log
units below that buffered by the coexistence of pure iron and
wüstite (IW) (Frost et al., 2008). This would seem to invalidate
models in which MOs are overlain by H2O–CO2 atmospheres (e.g.,
Zahnle et al., 2007; Elkins-Tanton, 2008). However, here I will
show that the oxidation state at the top of a MO depends on the
depth of magma–metal equilibration and that, for likely proper-
ties of Fe in magma at high pressure, H2O–CO2 atmospheres may
indeed overlie MOs in which metal is present at depth or from
which metal has already segregated to the core.

3. Oxygen fugacity zonation in a magma ocean

I assume that metal-silicate equilibrium in a MO is established
at depth. This depth may correspond to the top of a ‘‘metal pond’’
at the base of the MO (Stevenson, 1990) or to a mean depth of
equilibration established through a combination of processes,
including episodes of Fe-rich metal droplets passing through the
magma column (Rubie et al., 2003). Estimates of the mean depth
of equilibration range from 25 to 60 GPa (Li and Agee, 1996;
Chabot et al., 2005; Corgne et al., 2008; Kegler et al., 2008).

During accretion events, metal passing through the MO col-
umn can react with the MO, enforcing metal saturation at all
depth, and imposing Fe3þ/FeT ratios that vary with pressure
accordingly. However, these events are brief, as simulations have
found that metal rain-out is efficient for the full spectrum of
expected metal droplet sizes (Höink et al., 2007; Ichikawa et al.,
2010), and the column should become metal free in �2 weeks
(Ziethe, 2009). Vigorous convection returns the MO to the condi-
tion of homogeneous Fe3þ/FeT with a value set by the mean depth
of equilibration of 25–60 GPa. Consequently, in the rest of this
work, I assume that the vertical column of the MO is metal-free
except perhaps at its base with the Fe3þ/FeT ratio set by deep
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Fig. 1. Calculated mole fractions of molecular species for a gas with a mass H/C

ratio of 0.5. The calculation at 1800 K (solid curves) is performed as function of f O2
,

where f O2
is calculated relative to that defined by the coexistence of iron and

wüstite (IW) (O’Neill, 1988). Under oxidizing conditions the chief gas species are

H2O and CO2, and under reduced conditions they are H2, CO, and H2O. Cooling of

this gas to 500 K (dashed lines) produces reduced gases that are chiefly H2O, CH4,

and H2. Note that the f O2
scale applies only to the 1800 K calculation; the 500 K

calculation is produced simply by cooling the 1800 K gas. Gas species computed at

100 kPa confining pressure using the calculation of Kress (2004).
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equilibration with molten alloy or, if metal is absent, at a
higher value.

Although the fO2
at the depth of magma–metal equilibration

will be near IW�1.5, this will not define the fO2
throughout the

magma column. Rather, fO2
will vary with depth owing to the

different molar volumes of Fe2þ and Fe3þ in melts (e.g., Kress and
Carmichael, 1991), as can be seen from the reaction:

FeO
magma

þ
1

4
O23FeO1:5

magma
ð1Þ

which depends on pressure (Kress and Carmichael, 1991; O’Neill
et al., 2006):

logfO2
¼

4

2:303
DG

0
þ

Z P

1
DV dPþRT ln

Xmelt
FeO1:5

gmelt
FeO1:5

Xmelt
FeO gmelt

FeO

 !
ð2Þ

here DG
0

is the standard state change in free energy of reaction
(1), DV the difference in the partial molar volumes of the ferric
and ferrous oxide components in the melt, and Xmelt

i and gmelt
i are

the mole fractions and activity coefficients of each component. Eq.
(2) shows that fO2

will vary with pressure according to the
magnitude of DV . Importantly, a relation analogous to Eq. (2)
can be written for the IW reaction and if the values of DV for each
reaction are not equal, then relative to the IW buffer, fO2

at fixed
magma Fe3þ/FeT varies with depth and therefore so will Fe3þ/FeT

at metal saturation (� IW�1.5).
Low pressure determinations of the partial molar volumes and

compressibilities of Fe2O3 and FeO in silicate melts (Lange and
Carmichael, 1987; Kress and Carmichael, 1991), as well as
Mössbauer determinations of Fe3þ/Fe2þ speciation from glasses
quenched from 0 to 4 GPa (Mysen and Virgo, 1985; O’Neill et al.,
2006), indicate that decompression at constant Fe3þ/FeT causes
silicate melts to become more reduced relative to metal-oxide
buffers (Fig. 2). This is because the low pressure partial molar
volume of FeO1.5 in silicate melts is large compared to that of FeO
(Kress and Carmichael, 1991).

If the trend evident in Fig. 2 were to apply throughout the
pressure range of a MO, then well mixed magmas in equilibrium

with metal at depth would be yet more reduced at lower pressure
(Fig. 3), and the atmosphere above such MOs would be dominated
by H2 (Fig. 1). It would also lead to some interesting dynamics, as
shallow regions would precipitate Fe, becoming FeO-depleted and
perhaps producing a gravity-stratified MO. However there are
reasons to suspect that this trend reverses at higher pressure,
such that melts of the same Fe3þ/FeT become more reduced
relative to IW with increasing pressure. If so, then MOs could be
comparatively oxidized in their shallow reaches. The reasons are
as follows:

(1) The low pressure trend for silicate melt is opposite to that for
solid peridotite, for which isochemical self-compression
above 3 GPa leads to reduced conditions relative to IW
(Fig. 3). This is because Fe3þ is stabilized in the high-
coordination environments provided by deep mantle miner-
als, such as the octahedral sites in garnet (O’Neill et al., 1993;
McCammon, 1997; Frost and McCammon, 2008). Pressure
also stabilizes high cation coordination in silicate liquids
resembling those found in minerals (e.g., Ghiorso, 2004;
Stixrude and Karki, 2005) and so analogous stabilization of
Fe3þ in melts seems likely at high pressure.

(2) In silicate melts, the partial molar volume of VI-coordinated
Fe3þ is 25% smaller than that of IV-coordinated Fe3þ (Liu and
Lange, 2006), and so at high pressures, highly coordinated
Fe3þ becomes more stable and DV in Eq. (2) diminishes.
Mössbauer spectroscopy of quenched Na2O–FeOT–SiO2

glasses suggests shifts from IV to VI coordinated Fe3þ near
3–4 GPa (Mysen and Virgo, 1985; Brearly, 1990), though
quantification is poor. It is also true that Fe2þ takes on higher
coordination states with increased pressure, but this effect is
likely smaller than that for Fe3þ , as at low pressure the FeO
component in silicate melts has a much more compact
structure than that of Fe2O3. For example, using the partial
molar volumes of Ghiorso and Kress (2004), the ionic porosity
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(Carroll and Stolper, 1993) of the FeO component is 43%,
whereas that of Fe2O3 is 51%.

For these reasons, in the remainder of the paper, I assume that
Fe3þ is stabilized at high pressure and that deep MOs are more
oxidized near the surface than at depth. Whether this is true can
only be determined by new experiments, but it is certain that
there should be a vertical zonation in MO redox state relative to
IW unless the differences in volumes between Fe2þ and Fe3þ in
silicate liquids are exactly the same as the differences between Fe
and Fe2þ in solid Fe metal and wüstite. If this assumption is in
error, future work should explore the consequences of the
opposite redox zonation for volatile evolution in early terrestrial
planets.

If Fe3þ is stabilized in melts at high pressure, an important
question is the pressure above which silicate liquids become
more reduced with increasing depth. Experimental investigations
are needed, but the reversal could be as shallow as 150–200 km.
First, the trend of reduction with increasing depth in solid
peridotite begins near 3 GPa, at the onset of garnet stability, and
the pressures at which coordination changes in silicate liquids
occur are commonly similar to those at which analogous poly-
morphic transitions occur in minerals (Ghiorso, 2004; Stixrude
and Karki, 2005). Second, octahedral coordination of Fe3þ has
been inferred in alkali iron silicate melts at 3–4 GPa based on
Mössbauer spectroscopy (Mysen and Virgo, 1985; Brearly, 1990),
a pressure similar to that for which increased coordination of the
other principle trivalent cation in melt, Al3þ , is manifested
(Ghiorso, 2004; Allwardt et al., 2005). This is much lower than
the mean pressure of metal-silicate equilibration in the MO (e.g.,
25–60 GPa) and so it is plausible that the mean Fe3þ/FeT of the
MO was high (Fig. 3). For comparison it is instructive to recall that
Mg-perovskite in equilibrium with Fe at 25 GPa has �50% Fe3þ/
FeT (McCammon, 1997). Thus, for magma–metal equilibration in
the terrestrial MO, convective mixing may produce comparatively
oxidized conditions at shallow depths.

Magmatic vapor that, on cooling, is dominated by H2O and CO2

is stabilized for oxygen fugacities above � IWþ0.5 (Fig. 1). Such a
comparatively oxidized atmosphere could be produced by low
pressure, high temperature equilibration with a magma that has a
relatively small Fe3þ/FeT ratio: 0.025 and 0.05 at 2000 1C and
0.1 MPa, based on O’Neill et al. (2006) and Kress and Carmichael
(1991), respectively.

4. Dissolved volatiles in a MO with an fO2
gradient

If the shallow reaches of a MO are comparatively oxidized such
that the overlying atmosphere consists chiefly of H2O and CO2,
then the dissolved volatile content can be calculated from simple
solubility laws (Pan et al., 1991; Moore et al., 1998). For example,
for CO2 and H2O partial pressures of 30 MPa (e.g., Zahnle et al.,
2007), the underlying MO will have 1.2 wt% H2O and 180 ppm
CO2 (Fig. 4). The large differences in solubility mean that most of
the growing planet’s H2O is dissolved in the MO, but that most of
the CO2 is in the atmosphere: for a MO equal to the mass of the
present-day upper mantle, 90% of the H2O and 10% of the CO2 will
be dissolved in the MO. For a whole-mantle MO, these numbers
rise to 99% and 30%.

Importantly, the C–O–H volatiles dissolved in the shallow MO
may become oversaturated with volatile-rich solids at depth and/
or may be partitioned into molten alloy, if present. Extrapolation
of the 7.5 GPa H partitioning experiments of Okuchi (1997) to
temperatures (1800–2500 1C) relevant to MOs suggests an alloy/
silicate partition coefficient, Dall=sil

H , of 5–10. Thus, if the MO

interacts with appreciable metal, the silicate and vapor envelopes
may lose much of their H2O to the core.

Significant carbon also may be removed from the silicate
magma and atmosphere, either by partitioning into available
alloy or precipitation of graphite, diamond, or carbide. The
dissolved CO2 content of graphite/diamond-saturated silicate
liquids increases with temperature and decreases with pressure
and as conditions become more reduced (Holloway, 1998;
Hirschmann and Withers, 2008). Calculated along a MO adiabat,
C saturation requires lower dissolved CO2 with increasing depth
and diminishes by an order of magnitude for each log unit
decrease in fO2

(Fig. 5). For example, at 25 GPa, diamond satura-
tion occurs at CO2 concentrations between 7 (IW�2) and 70 ppm
(IW�1). At the same pressure and fO2

range, but the much cooler
temperatures prevailing at the peridotite solidus, solubilities are
less than 1 ppm. Depending on Fe activity and temperature, the
saturating C-rich phase may be carbide and if so, the maximum
dissolved CO2 at a given T, P, and fO2

could be less than illustrated
in Fig. 5.

Experimental data determining partitioning of C between
silicate liquid and molten alloy are available only for extreme
conditions (very low fO2

, high fH2
, Kadik et al., 2011) not applicable

to the later stages of Earth’s accretion. However, combining the
thermodynamics of solubility of C-saturated silicate liquid
(Holloway et al., 1992; Holloway, 1998; Hirschmann and
Withers, 2008) with experimental determinations of graphite
saturation in Fe–C molten alloys (e.g., Dasgupta and Walker,
2008; Nakajima et al., 2009) allows calculations of partitioning
for C partitioning between molten alloy and silicate liquid, as
Dall=sil

C ¼ Dall=graphite
C Dgraphite=sil

C . Values of Dgraphite=sil
C can be derived

from the saturation calculations illustrated in Fig. 5A; those for
Dall=graphite

C are relatively insensitive to intensive variables and are
approximately 0.12–0.2 (Dasgupta and Walker, 2008; Nakajima
et al., 2009), although smaller values are possible for S-rich melts
(Zhimulev et al., 2012). Resulting values of Dall=sil

C are large, as
dissolved CO2 becomes low (Fig. 5B). For example, metal-satu-
rated magma along a MO adiabat at 25 GPa with 7–70 ppm CO2

has corresponding values of Dall=sil
C ¼ 2� 105

22� 104.
An important caveat for the calculations in the preceding

paragraphs is that they assume that all C is dissolved as CO2�
3 .

However, under reducing conditions, other C–O–H species, most
notably CH4, likely exceed dissolved carbonate. This will increase
the dissolved C content of C-saturated magmas, making the
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calculations under reduced conditions in Fig. 5A minima. It will
decrease Dall=sil

C proportionally (Fig. 5B). Experimental constraints
on the solubility of CH4 species in magmas remain sparse. Mysen
et al. (2009) and Kadik et al. (2011) reported CH4 solubilities of up
to 0.5 wt% in Na-silicate and synthetic peralkaline rhyolite liquids,
respectively, but Ardia et al. (2011) found no more than
�0.05 wt% in synthetic basalt. However, CH4 concentrations are
sensitive to H2 fugacity, fH2

, as fCH4
is proportional to ðfH2

Þ
2. All of

these experiments were performed with high H2 fugacities that
may be greater than expected in plausible MOs. In the following
discussions, a range of reasonable values of C saturation and
Dall=sil

C are considered.

5. Volatile processing in MOs

The distribution of volatiles between the core, mantle and
atmosphere resulting from MO processes can be understood by
considering two stages, metal-present and metal-absent. The
former affects the inventory of H and C sequestered in the core,
whereas the latter influences their distribution between the
mantle and atmosphere following MO solidification. The transi-
tion may occur in the aftermath Moon-forming giant impact,
which may have been the last time appreciable metal was present
in the MO.

5.1. Metal-rich MO

It has long been recognized that the solubilities of H and C in
core-forming alloy are large and that extensive interaction
between core-forming metal, MOs, and overlying vapors can
result in core sequestration of large fractions of the H and C in a
growing planet (Fukai, 1984; Kuramoto and Matsui, 1996). It is
common to assume that the partitioning of H and C involved
equilibration of the entire mass of the core with the proto-mantle
(e.g., Kuramoto and Matsui, 1996; Okuchi, 1997; Dasgupta and
Walker, 2008; Nakajima et al., 2009). This leads to the conclusion
that the core is highly enriched in H and C and that core formation
left behind a volatile-depleted mantle. However, nearly all core-
forming metal possibly avoided interaction with most of Earth’s
volatile inventory. Dahl and Stevenson (2010) concluded that
�10% of the core (mass equal to 5% of the mantle) equilibrated
with the mantle, virtually all occurring during the early stages of
accretion. As most volatiles accreted towards the end of Earth’s
assembly (e.g., Raymond et al., 2007), it seems that MO volatiles
present during the later stages of accretion reacted with a small
fraction of metal.

Combining H2O and CO2 solubilities in magma (Fig. 4) with
silicate/metal partitioning of H (Okuchi, 1997) and C allows
calculated volatile partitioning between a MO, overlying atmo-
sphere, and coexisting metal (Fig. 6). The concentrations of H and
C in metal are related to the partial pressures of H2O and CO2 in
the atmosphere (Fig. 6A), as these fix the concentrations of H and
C in silicate, which in turn determine the activities of H and C at
depth. Notably, high values of Dall=sil

C limit the possible density of
the overlying atmosphere and concentration of CO2 in the magma
to o5 MPa, 30 ppm (Dall=sil

C ¼ 104) or o0.8 MPa, 3 ppm
(Dall=sil

C ¼ 105). This is because the C concentration in alloy
becomes sufficiently high (�8 wt%) to saturate in an additional
C-rich phase (graphite, diamond, or carbide), thereby forcing any
additional C beyond these concentrations into the co-saturating
solid. In turn, back-reaction between the magma and the atmo-
sphere prevents high partial pressures of CO2. Thus, if large values
of Dall=sil

C prevail, much of the C available is extracted from the
atmosphere and magma and resides in solids. On the other hand,
if Dall=sil

C is below 103 and the alloy/silicate ratio is small (o1%),
then much of the C remains in the atmosphere.

Even when the metal proportion is small, the fraction of H and
particularly C stored in reduced phases (alloy, carbide, diamond)
is significant (Fig. 6B). For large alloy/silicate ratios (5%), up to 40%
of the total H may be in the metal, though more modest fractions
(12–22%) are stored there for alloy/silicate ratios of 1–2%. In
contrast, carbon is dominantly found in solids even if the alloy/
silicate ratio is as little as 1% and Dall=sil

C ¼ 103, and if Dall=sil
C is

significantly greater than 103, virtually all in solids for yet smaller
alloy/silicate ratios. Note however, that under these circum-
stances (high Dall=sil

C , low alloy/silicate ratio) much of this carbon
will be in diamond rather than in alloy.

For cases where Dall=sil
C is large and C-rich alloy saturates with

an additional C-rich phase, a key question is the identity and fate
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magmas. Solid curves are calculated along an adiabatic geotherm for a magma

ocean that is above the liquidus to a pressure of 25 GPa (Stixrude et al., 2009). The

dashed curves are calculated at temperatures and pressures of the dry peridotite

solidus (Hirschmann, 2000; Hirschmann et al., 2009). Saturation calculations

follow those of Holloway et al. (1992) and Hirschmann and Withers (2008), with

adjustments for diamond stability using the graphite and diamond equations of

state from Day (2012). Calculations assume that C is dissolved only as CO2�
3 . If

appreciable CH4 is dissolved, these are minima. Note that these calculations are

incorporated into two different thermodynamic relationships—one relating gra-

phite or diamond saturation to the ratio of CO2 and O2 fugacities and the second

relating CO2 fugacity to dissolved carbonate concentration. The first calculation is

robust over the calculated pressure range, but the second is based on experimental

measurements that are available only to 3 GPa. Extrapolation of this model to

higher pressure involves some loss of accuracy, but most of the calculated

variations in CO2 concentrations derive from the first portion of the calculation.

(B) For a given concentration of C or CO2 dissolved in the magma at graphite/

diamond saturation (i.e., D
all=graphite
C ), the value of D

all=sil
C can be estimated from

known values ofDall=graphite
C . The gray band is derived from experimental values of

D
all=graphite
C and D

all=diamond
C (¼0.125–0.2; Dasgupta and Walker, 2008; Nakajima

et al., 2009) which show that C-rich alloy saturates at 5–8 wt% C.
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of that phase. Carbide could segregate to the core along with the
molten alloy, but at high temperature (e.g., 41700 1C at 14.5 GPa,
Nakajima et al., 2009), the co-saturating phase will be diamond.
At pressures 420 GPa, diamond is less dense than ultramafic
magma (Suzuki et al., 1995) and will not segregate to the core, but
instead float to intermediate MO depths near 600 km and remain
as a substantial fraction of the C ultimately stored in the solidified
mantle (Fig. 7). For example, if Dall=sil

C ¼ 105 and the alloy/silicate
ratio in a whole-mantle MO is 0.01, then for an initial C mass of
4�1021 kg (¼4–22 X modern BSE; Dasgupta and Hirschmann,
2010), 80% will go to the core, 0.8% in the molten mantle, 1.8% in
the overlying atmosphere, and 17.4% (¼0.5�3.8 X BSE) in
diamond.

5.2. Evolution of metal-free MOs

Following segregation of the core, volatiles are present in the
MO, perhaps largely as diamond, and in the overlying atmo-
sphere. These inventories evolve as the MO crystallizes. When
solidification is complete, some portion of the H2O and C remain
in the mantle and the rest is in the atmosphere. In this section, the
focus is on the behavior of C. The evolution of H2O inventories
during MO crystallization, and the partitioning of H2O between
crystallizing nominally anhydrous minerals, magma, and vapor
have been considered previously by Kawamoto et al. (1996) and
Elkins-Tanton (2008).

I first focus on metal-free MOs that evolve from metal-present
ones and consider MOs descended from a giant impact separately.
For the first case, an H2O–CO2 atmosphere overlies a MO that is
oxidized near its surface and progressively more reduced at
depth, such that it is close to metal-saturated near its base
(IW�1.570.5). If partitioning of C into alloy is not severe (e.g.,
Dall=sil

C ¼ � 103), a substantial fraction of the carbon remains in
silicate and vapor and the atmospheric CO2 partial pressure may
be high; if the partitioning is extreme (105), virtually all the
carbon is removed to the core or precipitated as diamond (Fig. 5B)
and little CO2 is in the overlying atmosphere. Either way, the low
magmatic solubility of CO2 dictates that the majority of C not
removed to the core or stored as floating reefs of diamond will be
in the overlying atmosphere. For a whole-mantle MO, 69% of the C
not in solids will be in the atmosphere and for an upper mantle
MO, 90% will be in the atmosphere.

The loss of metal from the MO leaves a magma that is close to
saturation in alloy and potentially has an additional C-rich phase.
If crystallization of Mg-perovskite with high intrinsic Fe3þ/FeT

(McCammon, 1997) lowers the Fe3þ/FeT in the residual magma or
forces disproportionation of magmatic Fe2þ (Wood et al., 2006),
the system will be driven to metal and potentially diamond/
carbide saturation, resulting in storage of C together with the
crystallizing silicates. This may persist throughout crystallization
of the lower mantle and perhaps the deeper parts of the upper
mantle. At low pressures, Fe3þ becomes incompatible in crystal-
lizing silicate, and remaining liquids may become oxidized.

Irrespective of the fO2
evolution during MO crystallization,

mere cooling may cause saturation in C-rich phases. The strong
temperature dependence of the graphite/diamond-saturated con-
centration of CO2 in silicate melts (Hirschmann and Withers,
2008) means that at constant fO2

relative to IW, the CO2 concen-
tration for graphite/diamond saturation diminishes by nearly two
orders of magnitude on cooling from a deep MO adiabat down to
the peridotite solidus (Fig. 5). Although the temperature depen-
dence of the solubility of CH4 is not known, dissolved methane
may inhibit C-phase precipitation and so the saturation curves in
Fig. 5 are minima.

Precipitation of C-rich phases during MO crystallization buf-
fers the dissolved C, thereby limiting C in the overlying atmo-
sphere. If the saturation condition at the base of the MO evolves
towards very low concentrations of dissolved C, as suggested by
the low near-solidus saturation curves in Fig. 5, then the MO will
become C-saturated, which will cause much of the CO2 in the
overlying atmosphere to dissolve into the magma. This produces a
magma ocean carbon pump (Fig. 8), drawing down much of the
atmospheric C and precipitating it along with the crystallizing
silicates.

5.3. After the giant impact

The processing of volatiles in a MO that descends from a giant
impact presents a special case. Very high temperatures vaporize
much of the mantle (Canup, 2004), and devolatilize the remaining
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magma. The inventory of C–O–H volatiles in the resulting super-
atmosphere depends on the processing on Earth prior to the giant
impact, their concentrations and distribution in the embryo, and
the magnitude of loss to space. Some have assumed that the post-
giant impact atmosphere has a high CO2 partial pressure (e.g.,
�10 MPa; Zahnle et al., 2007), but C sequestration in the cores of
both preexisting bodies, combined with loss owing to the impact
(Genda and Abe, 2005), could produce a CO2-poor atmosphere.
Similarly, the initial redox state is uncertain, but interactions with
the MO cannot allow it to be more reduced than that coexisting
with the Fe3þ/FeT ratio defined by metal saturation at depth, and
so H2O and CO2 probably dominated.

On cooling, equilibrium is approached by volatiles dissolving
into the magma. Thus, the concentrations of magmatic volatiles
are those imposed by the atmospheric vapor pressure. As volatiles
are mixed down into the deeper portions of the MO and become
more reduced, a C-rich phase may saturate. This sets up the
conditions of a carbon pump (Fig. 8), drawing down the high

concentrations of CO2 in the atmosphere and storing much of the
available carbon in the precipitating mantle.

6. Discussion

6.1. Iron disproportionation in magma oceans and the origin of

Earth’s oxidized mantle.

Earth’s upper mantle is more oxidized than plausible satura-
tion with Fe-metal. This may be due to disproportionation of Fe2þ

in the lower mantle, yielding Fe and Fe3þ in Mg-perovskite
(Wood and Halliday, 2005; Wood et al., 2006; Frost et al., 2008).
In this scenario, small amounts of metal are produced in the
solidified lower mantle and then removed by the later stages of
core formation, either owing to renewed lower mantle melting
associated with giant impacts, or entrainment by metal percolat-
ing downwards towards the core.

Deep MOs may disproportionate Fe2þ to Fe3þ and metal
without requiring Mg-perovskite precipitation and removal of
Fe from a solidified lower mantle. The iron in the silicate accreted
to Earth consisted almost entirely of Fe2þ , owing to equilibration
with metal at low pressure. According to the arguments in Section
3, once pressurized in a deep magma ocean, the Fe3þ/FeT ratio of
the magma in equilibrium with metal might increase by a
disproportionation reaction:

3Fe2þ

magma
32Fe3þ

magma
þ Fe

alloy
: ð3Þ

At the mean pressure of magma/metal equilibration (25–
60 GPa), this reaction may produce an Fe3þ/FeT ratio similar to
the present-day upper mantle value (�0.03–0.045; Canil et al.,
1994; Cottrell and Kelley, 2011). Thus, the same magma may be in
equilibrium with metal at high pressure and capable of crystal-
lizing to a solid mantle that, in its shallow portions, is signifi-
cantly more oxidized. A magma with Fe3þ/FeT of 0.03–0.045 is
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sufficient to generate an overlying atmosphere dominated by H2O
and CO2 (Section 3).

Note that if C is dissolved as carbonate in the shallow reaches
of a MO, but reduced to CH4 at depth, the change in oxidation
state can influence the redox profile of the MO column. For
example, for a MO underlying an atmosphere with 100 MPa CO2

pressure there will be 60 ppm CO2 (Fig. 4). Conversion of this to
CH4 at depth will change the Fe3þ/FeT of a magma with 8 wt%
FeOT by 0.005. This is a modest but not inconsequential effect
compared to the range and uncertainty of upper mantle Fe3þ/FeT

ratios (0.03–0.045). Additional effects may be related to reduction
of dissolved H2O to H2, but more data on the solubility of H2 at
depth are needed.

6.2. A possible connection between early atmospheres and planetary

size

Differences in redox conditions for MOs of planets of different
sizes may influence the compositions of overlying atmospheres. If
deep MOs produce oxidizing atmospheres and shallow MOs redu-
cing ones, then Mars or Mercury may have had early atmospheres
rich in CH4 and H2, whereas Earth and Venus may yield protoatmo-
spheres rich in CO2 and H2O. This may set terrestrial planets on
different evolutionary paths, with differences for the preservation
potential of the atmospheres, the evolution of their climate, and
development of conditions conducive to prebiotic chemistry.

6.3. The core could take all the carbon

Owing to the very high solubility of C in molten Fe alloy
compared to silicate melts, virtually all of the C accreted to Earth
could be dissolved in the core, leaving a nearly C-free mantle and
exosphere. This could be true even if a MO equilibrated with only
a fraction of a percent metal (Fig. 4). Further, if a modest amount
of metal (�5%) equilibrated with the molten mantle, then a
C-poor BSE could result even if the total delivery of C to Earth
was extreme. For example, if Dall=sil

C ¼ 105, then metal equal to 5%
of the mass of the mantle would extract virtually all of the carbon
from a planet that is 42.5 wt% C, leaving a BSE (mantle plus
exosphere) with less than ½ of the low extrema of the estimated
modern mass (0.2–1.3�1021 kg; Dasgupta and Hirschmann,
2010). Yet, the BSE today is comparatively C-rich.

There are three potential explanations as to how significant
masses of terrestrial carbon avoided core sequestration (Fig. 7):

(A) High solubility of reduced C species (CH4, CO) facilitated
modest values of Dall=sil

C and allowed the MO to retain
appreciable C whilst equilibrated with metal. Values of
Dall=sil

C as large as 2�104 allow retention of C equal to the
low estimate of the modern BSE. Values closer to 103

approach the high modern BSE estimate. These would require
solubility in the magma of �35–350 ppm methane under
conditions of metal saturation (Fig. 5B). Such dissolved
methane concentrations are quite plausible (Mysen et al.,
2009; Ardia et al., 2011; Kadik et al., 2011), but may require
comparatively high f H2

.
(B) Owing to a paucity of available metal, a substantial mass of C

precipitated as diamond and thereby escaped removal to the
core. If the total amount of metal is low, then diamond
saturation is likely, even if Dall=sil

C is large.
(C) Much of the BSE inventory of C was delivered as part of a late

veneer that post-dated core formation (Morbidelli et al.,
2000; Dauphas and Marty, 2002; Javoy, 2005). Given dyna-
mical simulations that show significant arrival of planetesi-
mals from beyond the snow line late in Earth’s accretion (e.g.,
Raymond et al., 2007), some portion of Earth’s volatiles must

derive from late events. Whether the majority arrived late is
less certain. Objections to a volatile-rich late veneer arise
from inconsistences with observed siderophile and noble gas
abundances, and Os and W isotope ratios (Drake and Righter,
2002; Brandon et al., 2005; Halliday, 2008; Marty, 2012), but
not all these critiques apply if the late veneer consisted partly
of comets (e.g., Dauphas et al., 2000; Javoy, 2005; Hartogh
et al., 2011), icy planetesimals (Albar�ede, 2009; Marty, 2012),
or planetesimal compositions not represented in present
meteorite collections (Albar�ede, 2009). Marty (2012) argued
that depletion of nitrogen on Earth relative to C and H is a
result of retention in the core or mantle during early differ-
entiation. Similarly, Wood et al. (2010) showed that the
highly siderophile moderately volatile elements, Te, Se, and
S, are depleted by about two orders of magnitude compared
to non-siderophile elements if of similar volatility. This
strongly implies that these elements were present during
core formation, and Morbidelli et al. (2012) used this to
support dynamical arguments that most H2O (and by exten-
sion, C) was delivered during the last 30–40% of accretion
rather than as a late veneer. But if the BSE C arrived chiefly in
a late veneer, then massive accumulation of C in the mantle
occurred later by subduction or other ingassing mechanism
(Sleep and Zahnle, 2001; Hirschmann and Dasgupta, 2009).

6.4. H/C fractionation between the mantle and exosphere—the role

of a magma ocean carbon pumps

Today the inventory of C in the mantle is comparable to or
exceeds that in the exosphere (Dasgupta and Hirschmann, 2010). A
key expression of the magnitude of the modern deep C reservoir is
the H/C ratio of the mantle, which is markedly lower than that of the
exosphere (Hirschmann and Dasgupta, 2009). Mantle/exosphere H/C
fractionation means either that the mantle preferentially retained C
early in Earth history, or that subsequent time-integrated ingassing
of C has been much more efficient than of H2O.

Following removal of metal to the core, crystallization of the
MO was previously thought to expel virtually all the dissolved C
dissolved in silicate, yielding a C-poor mantle (Kuramoto and
Matsui, 1996; Elkins-Tanton, 2008). Owing to incorporation in
nominally anhydrous minerals (Kawamoto et al., 1996), the
proportion of H2O in the crystallized mantle will be markedly
greater. Thus, following MO crystallization, the H/C ratio of the
mantle would be high and that of the exosphere correspondingly
low and so MO processes could produce H/C fractionations that
are the opposite of conditions prevailing today.

Magma ocean carbon pumps (Sections 5.2 and 5.3) provide an
alternative scenario, in which much of the BSE carbon could have
precipitated during MO crystallization. Thus, the earliest mantle
could have had a substantial C reservoir and a low H/C ratio. The
mass of carbon pumped into the earliest solid mantle is poten-
tially very large, but depends on the mass of C available to the MO
and the saturation conditions of C-rich phases in the magma
column. These in turn require improved constraints on the fO2

-
depth profile as well as the solubility of reduced C-species. The
distribution of C in the mantle produced by C-pumping could be
highly heterogeneous, with substantial C precipitated at
restricted horizons. Presumably the C has since homogenized by
convective mixing.

7. Conclusions

1. Well-mixed magma oceans with constant Fe3þ/FeT will have
vertical zonation in fO2

. At low pressure, fO2
increases with

depth, but this may reverse at high pressure. A deep MO
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equilibrated with metal at depth may well have comparatively
oxidized conditions at the surface and may be in equilibrium
with an H2O–CO2 atmosphere.

2. Although small amounts of core-forming metal in a MO may
absorb much of Earth’s carbon, diamond saturation and
floatation may retain significant concentrations in the mantle.

3. During MO crystallization, saturation in diamond or carbide
can produce a C pump, depositing much of the C in the BSE in
the mantle, rather than the atmosphere. This may account for
the large inventory of C and low H/C ratio of the mantle.
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